Atm S547 Boundary Layer Meteorology Bretherton

Lecture1l. Surface Evaporation (Garratt 5.3)

The partitioning of the surface turbulent energy flux into sensible vs. latent heat flux isvery
important to the boundary layer development. Over ocean, SST varies relatively slowly and bulk
formulas are useful, but over land, the surface temperature and humidity depend on interactions of
the BL and the surface. How, then, can the partitioning be predicted?

For saturated ideal surfaces (such as saturated soil or wet vegetation), thisisrelatively straight-
forward. Supposethat the surface temperatureis Tj. Then the surface mixing ratio isits saturation
value g*(Ty). Let z; denote a measurement height within the surface layer (e. g. 2 m or 10 m), at
which the temperature and humidity are T, and ;. The stability is characterized by an Obhukov
length L. Theroughnesslength and thermal roughness|engthsare z; and z;. Then Monin-Obuhkov
theory implies that the sensible and latent heat fluxes are

Hs=pc,ChVi(To - Ty),
H = pLCHV1(do - au), where Cy =1n(Vy, 29, 7, 77, L)
We can eliminate Ty using alinearized version of the Clausius-Clapeyron equations:
0o - g*(Ty) = (dg*/dT)r(Tp - T1), Rindicates avalue at areference temperature,
that ideally should be closeto (Ty + T,)/2
HL = s*Hg+pLCLV1(a*(Ty) - ap),  s* = (L/cp)(da*/dT)g (= 0.7 at 273 K, 3.3a 300K) (1)

This equation expresses latent heat flux in terms of sensible heat flux and the saturation deficit at
the measurement level. It isimmediately apparent that the Bowen ratio Hg/H; must be at most
s*"L over asaturated surface, and that it drops as the relative humidity of the overlying air decreas-
es. At higher temperatures, latent heat fluxestend to become more dominant. For anideal surface,
(1), together with energy balance

Rn-Hg = Hs + HL
can be solved for H :
HL= LEp = T'(Ry-Hg) + (1- NpLCHV4(a*(Ty) - ap) 2
=g /(s* +1) (= 0.4a 273K, 0.77 at 300 K)

The corresponding evaporation rate Ep is called the potential evaporation, and is the maximum
possible evaporation rate given the surface characteristics and the atmospheric state at the measure-
ment height. If the surface is not saturated, the evaporation rate will belessthan Ep. Thefigureon
the next page shows H, vs. the net surface energy influx Ry - Hg for T; =293 K and RH, = 57%,
at aheight of z; = 10 m, with a geostrophic wind speed of 10 m s1, assuming arange of surface
roughness. Especialy over rough surfaces (forest), H, often exceeds Ry, - Hg, so the sensible heat
flux must be negative by up to 100 W m™. The Bowen ratio is quite small (0.2 or less) for all the
saturated surfaces shown in this figure.
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Fig. 5.6 Potential evaporation for different wet
glectlm:ldcondmons have been assumed, and in (b) the full stability correction in rav is

ude (spe Eqs. 3.47 and 3.57). Note how the effects of thermal stability tend to reduce
the direct influence of aerodynamic roughness.

Values of zq are as follows: 0.001 .
0.01 m, grass; 0.1 m : . lows: 0.001 m, lake;
Webb (13975)‘ » serub; 1.m, forest. Further details of the calculations can be found in

surfaces calculated from Eq.5.26. In (a)

Evaporation from dry vegetation

We consider afully vegetated surface with asingle effective surface temperature and humidity
(a‘single-layer canopy’). The sensible heat flux is originates at the leaf surfaces, whose tempera-
tureisTy. Thelatent heat flux isdriven by evaporation of liquid water out of theintercellular spaces
within the leaves through the stomata, which are channels from the leaf interior to its surface. The
evaporation is proportional to the humidity difference between the saturated inside of the stomata
and the ambient air next to the leaves. The constant of proportionality is called the stomatal resis-
tance (units of inverse velocity)

r& = P(A*(To) - do)/E 3)

Plants regulates transport of water vapor and other gasses through the stomata to maintain an op-
timal internal environment, largely shutting down the stomata when moisture-stressed. Hence r
depends not only on the vegetation type, but also soil moisture, temperature, etc. Table 5.1 of Gar-
ratt shows measured rg, which varies form 30 -300 sm™.

By analogy, we can define an aer odynamic resistance

ra=(CuVy) ™ =p(do- a)/E (4)

Typical valuesof r,are 100 sm™, decreasing in high wind or highly convective conditions. This
is comparable to the stomatal resistance. Working in terms of aerodynamic resistance in place of
Cy isconvenient in this context, as we shall see next, because these resistances add:

rs + o= P(A* (To) - do)/E + p(qo - G1)/E = p(q*(To) - a)/E, ()

i. e E isidentical to the evaporation rate over an equivalent saturated surface with aerodynamic
resistancerg + r,. The same manipulations that led to (1) and (2) now lead to:

Hg= pcp(TO -TYlrg
H = LE =p(g*(Tp) - q/(rg + ra) = {S*Hs+pL(q*(T) - aP}{ra/(rg + ra)}
Ho= TRy~ Hg) + (1-TOpL(@*(Ty) - ay)/ (rg + 12) , (6)
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where TU=s* /(s* + 1 +rg4lr,)

Thisisthe Penman-M onteith relationship. Comparing (6) to (2), we find that FP< ", so the heat
flux will be partitioned more into sensible heating, especially if stomatal resistanceis high, winds
arehigh, or the BL isunstable. Theeffectismagnified at cold temperatureswheres* issmall. The
ratio of H_to the saturated latent heat flux (2) given the same energy influx Ry - Hg is

_ 1
WL == 13 (1-T)(rg/ry)

Calculations of thisratio for neutral conditions, a10 m st geostrophic wind speed, and various
surface roughnesses are shown in the figure below. For short grass, the surface transfer coefficient
islow, so the aerodynamic resistanceis high and stomatal resistance does not play acrucial role at
high temperatures (though at low temperaturesit cuts off alarger fraction of the latent heat flux).
For forests, stomatal resistance is very important due to the high surface roughness (low aerody-
namic resistance).

Garratt
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Fig. 5.8 Variations of Eo/EL (Eq.5.37) with surface resistance. Values of rav have been
calculated for neutral conditions, with z4 = z¢/7.4. For short grass (zo = 0.0025 m): curve

1, T =303 K; curve 2, T =278 K. For forest (zg = 0.75 m): curve 3, T = 303 K; curve 4,
T =278 K.

Soil moisture

If the surfaceispartly or wholly unvegetated, the evaporation rate depends on the avail able soil
moisture. Soil moistureisalso important because it modul ates the thermal conductivity and hence
the ground heat flux, and affects the surface albedo as well as transpiration by surface vegetation.
For instance, Idso et al. (1975) found that for a given soil, albedo varied from 0.14 when the soil
was moist to 0.31 when it was completely dry at the surface.

If the soil-surface relative humidity RHg is known, then the evaporation is

E = p(RHqq* (To) - d)/ra -

Note that net evaporation ceases when the mixing ratio at the surface drops below the mixing ratio
at the measurement height, which does not require the soil to be completely dry. Soil moisture can
be expressed asavol umetric moisture content n (unitless), which does not exceed asaturated value
N ¢ usualy around 0.4. When the soil is saturated, moisture can easily flow through it, but not all
pore spaces are water-filled. Asthe soil becomes|ess saturated, water isincreasingly bound to the
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soil by adsorption (chemicals) and surface tension.

The movement of water through the soil is down the gradient of a combined gravitationa po-
tential gz (herewetake z asdepth bel ow the surface) plusamoisture potential gy(n). The moisture
potential isalways negative, and becomes much more so asthe soil dries out and its remaining wa
ter istightly bound. Note  has units of height. The downward flux of water is

Fu = - puK(N)O(Y + 2)/0z, (Darcy’slaw)

whereK(n) isahydraulic conductivity (unitsof mst), whichisavery rapidly increasing function
of soil moisture. Conservation of soil moisture requires

pyon/ot = - oF,/oz
The surface relative humidity is
RHy = exp(-gyl; = o/RyTo)

i. e. the more tightly bound the surface moisture is to the soil, the less it is free to evaporate. Em-
pirical formsfor Y and K as functions of n have been fitted to field data for various soils:

W = nin 9P
K = K{n/n 9% *3

where g and K are saturation values, depending on the soil, and the exponent b is4-12. For b =
5, halving the soil moisture increases the moisture potential by afactor of 32 and decreases the hy-
draulic conductivity by afactor of 4000! Because these quantities are so strongly dependent on
n, one can define acritical surface soil moisture, the wilting point n,,, above which the surface rel-
ative humidity RHgislarger than 99%, and below which it rapidly drops. The wilting point can be
calculated as the n below which the hydraulic suction -y exceeds 150 m.

Garratt

Table A9. Soil moisture quantities for a range of soil types, based on Clapp and
Hornberger (1978)

Quantities shown are as follows: 7 is the saturation moisture content (volume per
vplume), N is the wilting value of the moisture constant which assumes 150 m suction
(i.e. the value of 1 when = — 150 m), v, is the saturation moisture potential and K, is
the saturation hydraulic conductivity; b is an index parameter (see Eqs. 5.46-5.48). !

Soil type s s Ko b Nw
(m? m~3) (m) (10 m s71) (m*m-3)
1. sand 0.395 - 0.121 176 4.05 0.0677
2. loamy sand 0.410 - 0.090 156.3 4.38 0.075
3. sandy loam 0.435 - 0.218 34.1 4.90 0.1142
4. silt loam 0.485 — 0.786 7.2 5.30 0.1794
5. loam 0.451 —0.478 7.0 5.39 0.1547
6. sandy clay loam 0.420 - 0.299 6.3 7.12 0.1749
7. silty clay loam 0.477 —0.356 1.7 7.75 0.2181
8. clay loam 0.476 — 0.630 2.5 8.52 0.2498
9. sandy clay 0.426 - 0.153 2.2 10.40 0.2193
10. silty clay 0.492 — 0.490 1.0 10.40 0.2832
11. clay 0.482 — 0.405 1.3 11.40 0.2864

-114-



Atm S547 Boundary Layer Meteorology Bretherton

ry (%)

ok | | ) Garratt

(a)
80 - 1 6 11

60 |-

20

EJE,
08 |

0.6

02

0 1 L L I I 1 I J
0 0.1 0.2 0.3 0.4 0.5 0.6 0.7 0.8

s

Fig. 5.9 (a) Relative humidity r, as a function of relative soil moisture content 7/,
based on Eq.5.49 and data in Table A9 for soil types 1 (sand), 6 (loam) and 11 (clay).
Calculations are for a temperature To of 303 K. The vertical arrows indicate the wilting
points. Note that combining Egs.5.46 and 5.49 allows ry to be calculated from
Inry,=—(g/RvTo)ys(n/ns)~?. (b) E¢/EL as a function of the relative soil moisture
content, based on numerical simulations in an atmospheric model for a range of climate
conditions (mid-latitude summer) represented by the shaded regions (the temperature
range is 283-303 K and ¢ = 0.005).
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i-rﬁz(gi;:c . I,zndl{sc‘ Albedo (%) l/\\A\?z]iisll.u(rf:%a) (E';’;uastsz)v;l?n) E:: ;Z;;!?]n(e:rsn) '(12:1227:'[21&???“2)
Identification Description Sum  Win Sum  Win Sum  Win Sum Win Sum Win
1 Urban land 18 18 5 10 88 88 50 50 0.03 0.03
2 Agriculture 17 23 30 60 92 92 15 5 0.04 0.04
3 Range-grassland 19 23 15 30 92 92 12 10 0.03 0.04
4 Deciduous forest 16 17 30 60 93 93 50 50 0.04 0.05
5 Coniferous forest 12 12 30 60 95 95 50 50 0.04 0.05
6 Mixed forest and 14 14 35 70 95 95 40 40 0.05 0.06
wet land
7 Water 8 8 100 100 98 98 .0001 0001 0.06 0.06
8 Marsh or wet land 14 14 50 75 95 95 20 20 0.06 0.06
9 Desert 25 25 2 5 85 85 10 10 0.02 0.02
10 Tundra 15 70 50 %0 92 92 10 10 0.05 0.05
11 Permanent ice 55 70 95 95 95 95 5 5 0.05 0.05
12 Tropical or sub- 12 12 50 50 95 95 50 50 0.05 0.05
tropical forest
13 Savannah 20 20 15 15 92 92 15 15 0.03 003

MM5 surface types and their characteristics (Appendix 4 of MM5 manual)

Parameterization of surface evaporation in large-scale models
In practice, simplified formulations of soil moisture and transpiration are used in most models.
We will defer most of these until later. However, the MM5 formulation of surface evaporation is
particularly simplified. Itis

E = pLC{VIM(a* (Tp) - do),

i. e. the standard formulafor evaporation off a saturated surface at the ground temperature T (cal-
culated by the model) multiplied by a moisture availability factor M between 0 and 1 that is as-
sumed to depend only on the surface type. This formulation avoids the need to initialize soil
moisture, but istantamount to assuming asurfaceresistancethat is proportional to the aerodynamic
resistance, with

rdra=(1-M)/M

Whilethistype of formulation can be tuned to give reasonable results on an annually averaged ba-
sis, itislikely to bein error by afactor of two or morein individual situations, becausergandr,
are both subject to large and i ndependent fluctuations. M ore sophisticated schemes explicitly prog-
nose soil moisture (often using relaxation to specified values deep within the soil to control fluc-
tuations) and vegetation characteristics and determine the evaporation from these.
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	Lecture 11. Surface Evaporation (Garratt 5.3)
	HL = s*HS +rLCHV1(q*(T1) - q1), s* = (L/cp)(dq*/dT)R (= 0.7 at 273 K, 3.3 at 300 K) (1)
	RN - HG = HS + HL
	HL = LEP = G(RN - HG) + (1 - G)rLCHV1(q*(T1) - q1) (2)

	G = s* /(s* + 1) (= 0.4 at 273 K, 0.77 at 300 K)
	Evaporation from dry vegetation
	rst = r(q*(T0) - q0)/E (3)
	ra = (CHV1)-1 = r(q0 - q1)/E (4)
	rst + ra= r(q*(T0) - q0)/E + r(q0 - q1)/E = r(q*(T0) - q1)/E, (5)
	HL = G*(RN - HG) + (1 - G*)rL(q*(T1) - q1)/ (rst + ra) , (6)

	HL/HL, sat =
	Soil moisture
	E = r(RH0q*(T0) - q1)/ra .
	Fw = - rwK(h)¶(y + z)/¶z, (Darcy’s law)
	rw¶h/¶t = - ¶Fw/¶z
	RH0 = exp(-gy|z = 0/RvT0)
	y = ys(h/h s)-b
	K = Ks(h/h s)2b + 3
	Parameterization of surface evaporation in large-scale models
	E = rLCHV1M(q*(T0) - q1),
	rs/ra = (1 - M)/M


