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could bring within reach the production of photonic-bandgap
materials4–6 at optical wavelengths. M
. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .

Methods

Stable nonaqueous emulsions were obtained with formamide (98%) as the
polar liquid and isooctane (.99%) as the oil. Before emulsification, the oil was
mixed with ,1% of silicone oil to prevent Ostwald ripening16. The surfactant
was a symmetric triblock copolymer, poly(ethylene glycol)–poly(propylene
glycol)–poly(ethylene glycol) with a relative molecular mass of 5,800 containing
30% by weight of ethylene glycol monomer (Aldrich). Emulsification was done
with a homogenizer. The emulsion was fractionated as described by Bibette12.

The preparation of the ceramic precursor solution is described with the
titania synthesis as an example, because it requires the most reactive alkoxide
which is the most difficult to handle. Titanium tetraisopropoxide (97%) was
treated with an equimolar amount of the chelating agent 2,4-pentanedione to
reduce its reactivity towards water21. It was then mixed rapidly by stirring with a
mixture of water and formamide, such that the resulting H2O/Ti molar ratio
was 3.5 and the Ti concentration was 2.0 M. The resulting clear yellow solution
contains a considerable amount of isopropanol produced by the hydrolysis
reaction. Because alcohol will destabilize the emulsion, it was removed by
double extraction with a fivefold excess of hexanes. The resulting yellow liquid
was often turbid. The sol was heated briefly to ,90 8C producing a clear yellow,
slightly viscous sol, which did not form a precipitate for several weeks. Zirconia
sols were prepared in an analogous fashion, starting with zirconium tetra-n-
butoxide (70% in n-butanol). Silica sols were prepared by vigorously mixing
silicon tetramethoxide with a mixture of water and formamide acidified to pH
2 with HCl.

The surfactant was dissolved to 2 wt% in the sol. For nonuniform pore
materials the oil was emulsified directly into it. For uniform pores the
separately prepared monodisperse emulsion was centrifuged and the cream
dispersed in the sol. The droplet volume fraction was then set by centrifugation
and removal of the clear yellow fluid at the bottom. Then 30% ammonia was
added so that the molar ratio NH3=Ti < 1. The increase in pH induces gelation
in about 3 h. Gels were aged at 50 8C for 24 h in closed 2-ml polyethylene vials,
then allowed to exchange pore fluids with excess ethanol for 24 h. The gels were
then dried at room temperature and calcined in air in a furnace.
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The flux of biologically produced organic carbon from the
euphotic zone of the ocean to the deep waters below—the
‘biological organic carbon pump’—is one of the main controls
on the carbon dioxide partial pressure in the atmosphere1.
Accurate determination of this flux is therefore critically impor-
tant for understanding the global carbon cycle and its response to
climate change. Our goal is to assess how accurately the biological
organic carbon pump can be determined at a single location and
to constrain estimates of the global value. As there are no
standards against which such environmental fluxes can be
measured, we assess accuracy by comparing results from three
independent experimental approaches for measuring the net
annual export of organic carbon from the euphotic zone in the
subtropical North Pacific Ocean near Hawaii. Mass balances of
dissolved oxygen, inorganic carbon and organic carbon yield
estimates of the organic carbon export flux of 2:7 6 1:7,
1:6 6 0:9 and 2:0 6 0:9 mol C m−2 yr−1, respectively. These three
estimates are not significantly different, and establish the present
analytically attainable accuracy at this location to be about 650%.
If 2.0 mol C m−2 yr−1 is typical of the organic carbon export flux in
the subtropical ocean, then this vast region, often considered to be
a biological desert, may be responsible for up to half of the global-
ocean biological organic carbon pump.

The United States JGOFS (Joint Global Ocean Flux Study) Pacific
time-series station2 (station ALOHA of the Hawaii Ocean Time
series) is located in the southeastern region of the anticyclonic
subtropical gyre at 228 459 N, 1508 W. Particulate carbon fluxes have
been determined over the duration of the programme using drifting
sediment traps3, as have measurements of the dissolved inorganic
carbon (DIC) concentration4 and its stable-isotope ratio5 (13C/12C).
Monthly measurements of the concentrations of the gases O2, N2

and Ar were made during the years 19906, 1992 and 1995.
The biological consumption of DIC (JDIC in mol C m−2 yr−1) in

the euphotic zone of the ocean is equal to the net production of
particulate inorganic carbon (PIC) as CaCO3 (JPIC) and organic
carbon (JOC) in both dissolved and particulate forms (JDOC and JPOC,
respectively):

JDIC ¼ JPIC þ JOC ¼ JPIC þ JDOC þ JPOC ð1Þ

Sediment trap collections and alkalinity/DIC ratios in the upper
thermocline7 at station ALOHA indicate that the flux of PIC out of
the upper ocean is only about one-tenth of the total particulate
carbon flux; thus, we focus on the net biological production rate of
organic carbon, which is stoichiometrically related to the net
production of oxygen (JO2

) via the production quotient8, b:

JOC ¼ bJO2
ð2Þ

Our approach is to evaluate each of the production terms in these
equations by determining mass balances of DIC, oxygen and
organic carbon.
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The mass balance of dissolved species, A, in the upper ocean at
this location can be expressed as:

h½dðĀ=dtÞÿ ¼ Fa 2 w þ Fh 2 VDĀ 6 JA ð3Þ

The over-bar indicates the mean value over the upper 100 m, which
approximates the depth of the winter mixed layer, h, and the
transition from net community O2 production to net community
respiration6; Fa 2 w is the gas exchange flux, and Fh is the flux between
the mixed layer and the top of the thermocline. The latter value
includes the Ekman downwelling and all other ‘vertical’ transport
processes. Surface horizontal advection is modelled as a flow rate, V
(in cm s−1), multiplied by the difference in dissolved concentration
between the upstream and local concentrations, DĀ. The net
biological production or consumption term is indicated by JA.

Net biological oxygen production is determined from dissolved
O2, N2 and Ar concentrations measured at roughly monthly inter-
vals for the years 1990, 1992 and 1995 (Fig. 1). The positive
difference between the degree of oxygen and argon supersaturation
(Fig. 1a) is a qualitative measure of the biological oxygen
production6 in the euphotic zone. The gases are supersaturated in
surface waters during the entire year (Fig. 1b), indicating a net
diffusive transport to the atmosphere. Air–water exchange rates,
Fa 2 w, are modelled as the sum of a bubble flux term, B, and a
diffusion term9–11 which is the product of a mass transfer coefficient,
G (in m d−1), and the degree of gas saturation:

Fa 2 w ¼ B þ G{Sð pCÞ 2 ½Cÿ} ð4Þ

where pC is the partial pressure of gas C (in atm) in the atmosphere,
S is the gas solubility (in mol m−3 atm−1), and [C] is the gas con-
centration (in mol m−3) in the mixed layer. For relatively insoluble
gases, the bubble term is influential in causing gas supersaturation
(see Fig. 1 legend). The mass transfer coefficient is evaluated from
daily averaged wind speed measurements on a nearby buoy6 and
correlations to wind speed12,13 (mean annual value, 2.7 m d−1).
Horizontal velocities, V, are determined to be 1–2 cm s−1 from the
northward component of climatological ship drift speeds and

geostrophic calculations14. With these independent transport esti-
mates, three simultaneous equations for N2, Ar and O2 are used to
calculate O2 fluxes via bubble transport, B, vertical exchange
between the surface ocean and thermocline, Fh, and the net
biological oxygen production rate, JO2

. The mass balance described
in equation (3) is solved using a three-layer, two-dimensional model
that separates the mixed layer, the mixed layer to 100 m depth, and
the upper thermocline (see ref. 6 for details of the model.)

The oxygen mass balance indicates that net biological O2 produc-
tion in the euphotic zone is roughly balanced by losses to the
atmosphere and the thermocline. The annual rate of change of O2

concentration and the horizontal flow of O2 are less than one-tenth
the value of the other terms. Oxygen loss to the atmosphere averages
−1.6 mol O2 m−2 yr−1 for the 3 years. This is the net gas exchange
value which consists of the difference between outgassing driven by
the surface ocean supersaturation (Fig. 1b) at a rate of −2.6 mol m−2 yr−1

and the bubble-induced invasion rate of 1.0 mol m−2 yr−1. Down-
ward transport to the top of the thermocline is −1.5 mol m−2 yr−1

which probably results from turbulent mixing or eddy-induced
dipycnal transport15, as Ekman velocities14 can account for only
a small fraction of this flux. Oxygen losses from the upper
ocean are balanced by a net biological oxygen production of
3:6 6 2:2 mol m−2 yr−1, which is equivalent to an organic carbon
production rate of 2:7 6 1:7 mol C m−2 yr−1. The conversion from
oxygen fluxes to carbon fluxes and error estimates are described in
Table 1.

Dissolved inorganic carbon and carbon isotope (DI13C) measure-
ments at station ALOHA are used to determine the net biological
carbon export5,6. We derive independent information from these
two budgets because DI13C has an equilibration time with the
atmosphere via gas exchange that is approximately ten times that
of DIC16,17. DIC budgets are constructed for February–November
1990, and February 1994 to February 1995 using the data in Fig. 2
and equations (3) and (4). Because CO2 is a relatively soluble gas,
the air–water exchange process by bubbles is relatively small and has
been neglected10. The gas exchange mass transfer coefficient, GCO2

,

Figure 1 Oxygen, argon and nitrogen data in the

upper water column at station ALOHA. Symbols

represent different years: 1990 (k ), 1992 (þ), 1995 (×).

a, The difference in the degree of saturation, D (in %),

between oxygen and argon as a function of potential

density, jv, indicating a maximum in net biological

oxygen production beneath the mixed layer (100 m is

about jv ¼ 24). b, The degree of saturation in the

mixed layer as a function of time during the three

sampling periods. Each point represents the mean of

3–10 measurements. We note that the waters are

supersaturated during the entire year in spite of the

diurnal temperature change of 4 8C at this latitude.

Oxygen was determined by Winkler titration and other

gases by ratios to oxygenmeasured bymass spectro-

metry (see ref. 28). For the relatively insoluble gases

O2, N2 and Ar, the bubble term (B in equation (4)) is

important in determining the gas supersaturation. As

the mechanism of bubble process cannot be evalu-

ated with only two inert-gas tracers, and there is

evidence that in the subtropics simple air injection

(where B is proportional to the partial pressure in the

atmosphere, pC) is not adequate11,15, we assume that

the mean value for the bubble term is determined by

an equal combination of air injection and exchange

across the surface of larger bubbles9,11 (where B is

proportional to the molecular diffusion coefficient (D),

solubility (S) and mole fraction pC, D0.7S0.35pC). The

error estimate of 625% given in Table 1 spans the

range between these two extremes.
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and the horizontal velocity, V, were estimated as for O2, Ar and N2.
With these values determined independently, we solved two
equations for DIC and DI13C to determine the flux between the
mixed layer and thermocline, Fh, and the net biological carbon
production, JOC. Details of this approach are described in ref. 16.

Measured annual rates of change of DIC and DI13C concen-
trations were of the same magnitude as their measurement errors of
62 mmol kg−1 and 60.2‰, respectively. Combination of the mass
transfer coefficient and the observed degree of CO2 gas undersaturation
(Fig. 2b) resulted in a net CO2 invasion rate of 0.6 mol C m−2 yr−2. A
meridional surface DIC flux of −0.3 mol C m−2 yr−1 was calculated
from the horizontal velocity, V, and measured surface DIC gradients
that increase to the north at a rate of 1 mmol kg−1 per degree of
latitude (P.Q., unpublished data). Rates of organic carbon produc-
tion and flux from the thermocline necessary to balance the DIC
fluxes and accommodate the stable-isotope data (Fig. 2) were
1:8 6 0:9 and 1:5 6 1:0 mol C m−2 yr−1, respectively. The origin of
the error estimates is described in Table 1. Both the DIC and oxygen
mass-balances indicate that net biological carbon and oxygen
production at this location of the ocean are balanced by roughly
equal fluxes between the atmosphere–water and mixed layer–
thermocline interfaces.

The organic carbon mass balance consists of both particulate
(POC) and dissolved (DOC) components. The rate of change of
POC concentration is equal to the net formation rate of POC, JPOC,
minus the fluxes out of the euphotic zone via gravitational settling,
FPOC, and the net removal of POC by daily zooplantkon migrations,
FZOO (in mol m−2 yr−1):

hðdPOC=dtÞ ¼ JPOC 2 FPOC 2 FZOO ð5Þ

Particulate carbon fluxes measured by floating sediment traps3 at
150 m (Fig. 3) vary between 0.4 and 0.9 m C m2 yr−1 for the years
in which other measurements were made. To compare these values

with export fluxes determined by O2 and DIC mass balances, we
converted particulate carbon fluxes to organic carbon fluxes and
extrapolated to 100 m, as described in Table 1.

Zooplankton respiration at depth represents an organic-carbon
transfer out of the upper ocean for species that feed in the euphotic

Table 1 Net annual production of organic matter in the upper 100m of the
ocean at station ALOHA

Organic carbon

Year O2, N2, Ar DIC/DI13C POC DOC ZOO SOC
.............................................................................................................................................................................
1990 1:7 6 1:4 1:5 6 0:8 1:3 6 0:4 0:8 6 0:9 2:3 6 1:0
.............................................................................................................................................................................
1992 3:1 6 2:2 0:8 6 0:2 1:3 6 1:2 2:3 6 1:2
.............................................................................................................................................................................
1994 1:8 6 1:1 0:2 6 0:1
.............................................................................................................................................................................
1995 3:1 6 1:2 0:8 6 0:1 0:5 6 0:4 0:2 6 0:1 1:5 6 0:4
.............................................................................................................................................................................
Mean 2:7 6 1:7 1:6 6 0:9 2:0 6 0:9
.............................................................................................................................................................................
Values (in molCm−2 yr−1) were determined by: mass balance of O2, Ar and N2 (column 2);
mass balance of DIC and DI13C (column 3); and the sum (column 7) of fluxes of particulate
organic carbon (POC; column 4), dissolved organic carbon (DOC; column 5), and zooplankton
(ZOO; column 6) transport. Net oxygen production calculated from the model was transformed
to carbon using a production quotient (PQ) of 1.25 which assumes that half of the net
nitrogen uptake is as ammonia (PQ ¼ 1:1) and half as nitrate (PQ ¼ 1:4)8,25. For comparison
with other fluxes, the POC flux at 150m was multiplied by 0.9 to convert it to organic carbon
flux7 and extrapolated to 100m using trap flux versus depth regressions established from
similar sediment-trap studies in the subtropical Pacific Ocean that included the 100-m depth
horizon23. The extrapolation increases the POC flux by 35%. Uncertainty estimates presented
as (6) were determined in the oxygen and DIC mass balances using a Monte Carlo method
in which deviations of the most important input values into equation (3) are assumed to be
distributed in a gaussian way about the mean, with standard deviations equal to the
uncertainty estimates. Valuesare chosen randomly and independently from these distributions
and the equation solved repeatedly to determine the error or the dependent variables6,26. For
the O2, Ar and N2 mass balance, input uncertainties (standard deviations) were: 630% for
the gas exchange parameter, G (this represents the difference between values generated
using different correlations with wind speed12,13 at 7ms−1, the mean value at station ALOHA);
60.2% for the concentration of each of the gases and its degree of saturation6; and 625% in
the value of the bubble flux (this spans the range of values estimated by the two different
mechanisms explained in Fig.1 legend). For the DIC and DI13C mass balance, errors in the
input valuesare thesame for thegasexchangemass transfercoefficient,G, (630%); and 625%
for the pCO2

difference between the air and water. DIC and the d13C of DIC measurements
have errors of 62 mmolkg−1 and 60.02‰, respectively. Organic carbon is assumed to have a
d13C mean value and standarddeviation of −21 62‰ (ref. 27). The error estimates for organic
carbon fluxes represent: (1) for POC, the standard deviation of the monthly mean flux
measurements (n ¼ 9–11 for each year); (2) for DOC, combination of the error estimates of
the oxygen flux, Fh, determined from the O2, N2 and Ar mass balances, and the standard
deviation of the linear relationship between the DOC and O2 in the 75–150m interval
(DDOC=DO2 ¼ 0:58 6 0:37); and (3) for ZOO, the error estimate of 650% is from the standard
deviation of the migratory of zooplankton biomass during monthly cruises in a given year.
Mean values are unweighted averages of both the annual fluxes and their standard
deviations. A random gaussian-weighted selection of values determined from the oxygen
(2:7 6 1:7) and DIC (1:6 6 0:9) fluxes indicates that these distributions are indistinguishable
,50% of the time.

Figure 2 Measurements of dissolved inorganic carbon (DIC) species in the mixed

layer at station ALOHA during 1990 ( ) and 1994 (k ). a, DpCO2
(p.p.m.) (defined as

pCO2
ðatmÞ 2 pCO2

ðsurface oceanÞ); here surface ocean pCO2
values are calculated

in 19903 and measured in 1994 (T. Takahashi, personal communication). b, DIC

normalized to 35‰ salinity. c, d13C of DIC (‰ versus PDB). Details of the analytical

methods used are given in refs 4 and 16. The procedure for writing the mass

balances, including all important isotope ratios and pertinent isotope fractiona-

tion factors, are given in ref.16.

k

Figure 3 The particulate carbon flux at the depth of 150m as a function of the

Hawaii Ocean Time series (HOT) cruise number, with the 1990, 1992 and 1995

intervals indicated. Vertical error bars indicate the standard deviation of fluxes

determined in 2–4 separate sediment-trap collector tubes at the 150-m reference

depth deployed for 2–3days ona free-drifting trap array.Methodsaredescribed in

ref. 3.
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zone at night and migrate to deeper waters during the day18. Based
on measured day–night differences of zooplankton biomass, the
size structure of the migrating zooplankton community (M.L.,
unpublished results), and empirical relationships for zooplankton
metabolic rates as a function of animal size and environment
temperature19, we estimate the migrating zooplankton flux to be
0:2 6 0:1 mol C m−2 yr−1.

The strong vertical gradient in DOC in the upper 200 m of the
subtropical ocean20,21 suggests net production in the euphotic zone
and net consumption in the upper thermocline. We estimate the
importance of the flux of DOC to the organic carbon balance by
comparing the vertical gradients of DOC and oxygen and multi-
plying the DDOC/DO2 ratio by the flux of oxygen across the 100-m
depth horizon, Fh. This portion of the organic-matter flux is, thus,
dependent on results of the oxygen mass balance. The DDOC/DO2

ratio across the 100-m horizon (,75–125 m) for nine different
profiles in the years 1993–95 averaged 0:58 6 0:37 (L.T., unpub-
lished results) providing the driving force for ,40% of the total
carbon flux out of the euphotic zone (Table 1).

Three organic-matter fluxes for the years 1990, 1992 and 1995
result in a mean of 2:0 6 0:9 mol C m−2 yr−1. This value is similar to
that determined using the DIC and DI13C mass balance (1:6 6 0:9)
and somewhat smaller than the estimate from oxygen mass balance
(2:7 6 1:7). The two most disparate of these three fluxes, however,
are not significantly different (Table 1). We suggest that the present
attainable accuracy of the biological pump at this location is roughly
650%, and is limited primarily by uncertainty estimates of the
individual fluxes. This may not be true for all ocean areas, however,
as a recent comparison between organic carbon export determined
by oxygen mass balance and POC þ DOC fluxes at the Bermuda
time-series station yielded a factor of two difference, with the latter
being smaller20.

We assume that our estimate of the organic-carbon export at
station ALOHA ( ,2 mol C m−2 yr−1) is typical of the subtropical
oceans, as it is probably more representative than the station at
Bermuda with its very deep winter mixed layers. As the area of the
subtropical oceans is ,60% of the total ocean area22, the annual
biological pump from this ocean province is 5–6 Gt C yr−1. Current
estimates of the global ocean organic carbon pump based on
sediment trap fluxes are ,5 Gt C yr−1 (1.2 mol C m−2 yr−1)3,22,23.
Our value of 5–6 Gt C yr−1 for the subtropics alone indicates that
these global estimates are almost certainly too low, as upwelling and
coastal regions are believed to account for a significant organic-
carbon export22. If we assume that recent model-derived estimates
of the global ocean organic carbon pump (10–11 Gt yr−1)1,24 are
correct, then the subtropical oceans may account for up to half of
the global value. An urgent task for marine scientists is to under-
stand the mechanisms that limit this organic-carbon export so that
predictions of the response to changes in forcing can be made. M
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Volcanic eruptions under glaciers can cause dangerous floods and
lahars1–3 and create hyaloclastite (fragmented glassy rock) moun-
tains4–8. But processes such as the rate of heat transfer between ice
and magma, edifice formation, and the response of the surround-
ing glacier are poorly understood, because of the lack of data. Here
we present observations from the fissure eruption at Vatnajökull
ice cap, Iceland, in October 1996. In the 13 days of the eruption
3 km3 of ice were melted and the erupted magma fragmented into
glass forming a hyaloclastite ridge 6–7 km long and 200–300 m
high under 500–750 m of ice. Meltwater of temperatures of 15–
20 8C flowed along a narrow channel at the glacier bed into the
Grı́msvötn subglacial lake for five weeks, before draining in a
sudden flood, or jökulhlaup. Subsidence and crevassing of the ice
cap occurred over the eruptive fissure and the meltwater path,
whereas elsewhere the glacier surface remained intact, suggesting
that subglacial eruptions do not trigger widespread basal sliding
in warm-based glaciers.

Despite the lack of direct observations of subglacial eruptions,
qualitative models of the formation of hyaloclastite mountains
within glaciers were presented in the 1940s and 1950s5–7 and have
been advanced by more recent work8–10. These models are based on
geological mapping and involve melting of the overlying ice and the
emergence of a mountain within a water-filled depression confined
by the surrounding glacier. The lowermost parts of the mountains
are often made of pillow lavas, whereas the upper parts are


