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[1] We calculated basin‐scale and global ocean decadal temperature change rates from the
1990s to the 2000s for waters below 3000 m. Large temperature increases were detected
around Antarctica, and a relatively large temperature increase was detected along the
northward path of Circumpolar Deep Water in the Pacific. The global heat content (HC)
change estimated from the temperature change rates below 3000 m was 0.8 × 1022 J
decade−1; a value that cannot be neglected for precise estimation of the global heat
balance. We reproduced the observed temperature changes in the deep ocean using a data
assimilation system and examined virtual observations in the reproduced data field to
evaluate the uncertainty of the HC changes estimated from the actual temporally and
spatially sparse observations. From the analysis of the virtual observations, it is shown that
the global HC increase below 3000 m during recent decades can be detected using the
available observation system of periodic revisits to the same sampling sections, although
the uncertainty is large.
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1. Introduction

[2] Global heat budgets are important for understanding
global climate variability. The estimation of ocean heat
content (HC) change is critically important for assessing the
imbalance of the earth’s heat budget, which coincides with
air temperature increases in recent decades [Hansen et al.,
2005; Douglass and Knox, 2009]. Willis et al. [2004]
reported that the oceanic heat uptake in the upper 750 m
from 1993 to 2003 corresponded to a heat flux of 0.86 W
m−2 through the ocean surface. Levitus et al. [2005] showed
that a large amount of heat (14.5 × 1022 J) was absorbed by
the upper 3000 m of the ocean from 1955 to 1998. The HC
change contributes to sea level rise [e.g., Domingues et al.
2008]; the contribution from the HC changes in the upper
3000 m was about half of the total sea level rise from 1993
to 2003, which is estimated from satellite measurements to
be 3.1 mm yr−1 [Bindoff et al., 2007]. However, the HC
changes deeper than 3000 m and their contribution to sea
level rise are not well known. For an accurate estimation of
the oceanic heat budget, it is important to include the heat

budget in the deep ocean, even though almost all of the
changes in ocean HC are confined to the upper 750 m
[Hansen et al., 2005].
[3] Because the temperature variability is small in the

deep ocean, data of the highest accuracy are necessary to
evaluate the HC change there. Thus, almost all studies of
temperature changes in the deep ocean have used the care-
fully processed data collected under the World Ocean Cir-
culation Experiment (WOCE) Hydrographic Programme
(WHP) and revisit cruises. Warming near the bottom was
reported in many basins from comparisons of WHP and
revisit data [e.g., Fukasawa et al., 2004; Johnson and Doney,
2006; Kawano et al., 2006; Johnson et al., 2007, 2008].
Although the careful analyses in these previous studies
detected significant temperature differences near the bottom,
the HC changes in the global deep ocean were not well
described.
[4] Purkey and Johnson [2010] recently reported for the

first time the basin‐scale HC changes in the deep ocean to
investigate a role of recent warming of Antarctic waters in
global heat and sea level budgets. They divided the world
ocean into 32 deep basins separated by topography, and
estimated a temperature trend and confidence intervals for
each basin using hydrographic observations from within
each basin. They found that substantial warming around
Antarctica was important for estimates of global energy
budgets. However, they did not describe the spatial pattern
of HC change at subbasin scales, especially in the Pacific, as
they divided the global deep ocean into large basins.
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[5] The spatial distribution of temperature changes can be
a clue to understanding deep ocean circulation and its var-
iability. For almost all of the bottom layer (below 4000 m)
of the Pacific Ocean, Kawano et al. [2010] showed that the
water was warming and suggested that the warming was
caused by the reduction in dense water formation near
Antarctica, as Nakano and Suginohara [2002a] had shown
using a numerical model that the reduction in dense water
formation near the Adelie Coast resulted in bottom water
warming in the Pacific Ocean.Masuda et al. [2010] revealed
the recent bottom water warming in the Pacific Ocean using
an assimilation model and analyzed the mechanisms of the
rapid transfer of the warming anomaly from Antarctica to
the deep layers of the North Pacific. However, they did not
describe the spatial distribution of the HC changes in the
Indian and Atlantic oceans, although bottom water warming
has also been detected in some parts of these oceans [e.g.,
Johnson and Doney, 2006; Johnson et al., 2008].
[6] There are few estimates of global HC changes in the

deep ocean using direct measurements, and the spatial dis-
tribution of the changes has not been described in detail.
Therefore, for this study, we divided each ocean basin into
many “boxes,” mapped the temperature changes in those
boxes between the 1990s and the 2000s to show their spatial
distribution, calculated steric height changes due to salinity
changes as well as the temperature changes, and estimated
the global and basin‐scale HC changes in the deep ocean.
[7] Furthermore, the uncertainty of previous estimates of

HC changes in the deep ocean, especially that due to tem-
poral variability, is not clear. Purkey and Johnson [2010]
estimated 95% confidence intervals for their estimated HC
changes, using all hydrographic observations included in the
basins, explicitly taking into account a spatial decorrelation
length. Because they estimated the confidence intervals
using all of the observations carried out in the large basins

on different dates, their confidence intervals can include
some uncertainties due to temporal variability. However,
because most WHP sections were surveyed only twice, it is
difficult to evaluate the uncertainty due to temporal vari-
ability using only the observational data.
[8] In this study, we evaluate the uncertainty of HC

changes in the deep ocean as estimated from WHP and
revisit observations by using ocean reanalysis product
developed from a global four‐dimensional variational (4D‐
VAR) data assimilation system that can optimally synthesize
observations and model results.

2. Methods

2.1. Observations

[9] We used temperature and salinity data collected as
part of the WHP conducted from 1985 to 1995 and the
revisits after 1997, which are available from the Climate
Variability and Predictability (CLIVAR) and Carbon
Hydrographic Data Office (CCHDO). The data sets used are
listed in Table 1. The uncertainties of temperature and
salinity measurements are about 0.001°C and 0.002, respec-
tively [e.g., Kawano et al., 2010]. The uncertainty in tem-
perature measurements was less than the difference detected
in the deep ocean (typically below 3000 m) in the com-
parison between WHP cruises and revisits along many
sections, whereas the salinity changes in the deep ocean
were too small to detect along many sections [e.g., Kawano
et al., 2006; Kouketsu et al., 2009]. Therefore, for this study,
we describe the temperature and HC changes in detail and
note the effect of salinity changes on the steric height
change as well as that of the temperature changes in the deep
ocean, focusing on the areas where large salinity changes
were detected.

Table 1. WOCE Sections Used as Data Sources for This Studya

Ocean Basin Line Name Initial Survey Revisit

Pacific P01 1985 1999
P02 1994 2004
P03 1985 2005
P06 1992 2003
P10 1993 2005
P14 1992, 1993 2007
P16 1991 2005, 2006
P17 1991, 1993 2001
P18 1994 2008

Atlantic AR07 (A01) 1990 1996, 1998
AR19 (A02) 1993 2000

A05 1992 1998
A06 1993 2000
A10 1992 2003
A12 1992 2000
A16 1988, 1989 2003, 2005
A20 1997 2003
A22 1997 2003

Indian I03, I04 1995 2003
I05 1987 2002
I06 1993 1996

I09 (I08S) 1994, 1995 2007
Southern SR01 1993, 1994, 1996, 1997 1993, 1994, 1996, 1997

SR03 1991, 1993, 1994, 1995, 1996, 2001 1991, 1993, 1994, 1995, 1996, 2001
SR04 1989, 1990, 1996, 1998 1989, 1990, 1996, 1998

aIncluding section name, year of initial occupation, and year(s) of subsequent occupation(s). The section locations are shown
in Figure 1.
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[10] The changes in HC and steric height for the global
ocean were calculated for 73 boxes delimited by the inter-
sections of WHP observation lines and some additional lines
(Figure 1) that were chosen to allow a detailed description of
the horizontal pattern of HC changes. Lines were also added
to exclude the shallow seas such as the Bering, East China
Sea, and South China Seas. The 5 min gridded world ele-
vation data (ETOPO‐5) [NOAA, 1988] were used to deter-
mine the horizontal and bottom boundaries of each box.
[11] The WHP and revisit cruises were designed to take

observations at the same locations. However, slight differ-
ences exist in station locations and in the maximum depth of
the observations. The data from surveys with a smaller
number of stations were interpolated to match the locations
of other data, and the maximum depth of observations for
each station was set to the shallower depth of the original or
revisit survey.
[12] We calculated the temperature changes averaged on

the lateral boundaries of 100 m thick layers, and normalized
them to a 10 year interval. We then calculated the temper-
ature change rates for the 100 m thick layers in each box by
averaging the lateral boundary temperature change rates
weighted by the horizontal lengths of the lateral boundaries.
The method is described in detail by Kawano et al. [2010].
[13] In addition, we calculated 90% confidence intervals

using degrees of freedom estimated assuming a spatial
decorrelation length of changes in the deep ocean was
160 km, which was used by Purkey and Johnson [2010].
Because multiple repeated observations were available for
lines SR01, SR03, and SR04, the temperature changes along
these lines were calculated for each 100 m thick layer from
the linear trends of the repeated observations, and then these
values were used in the calculations of temperature changes
within the boxes with these lines as boundaries.

2.2. Data Assimilation

[14] The available observational data in the deep ocean are
too sparse to determine the temporal variability. Although
short‐term variability can be assumed to be small in the deep
ocean, the magnitude of the variability is unclear and the
aliasing effect in the analysis used to describe the long‐term

changes may not be negligible. Furthermore, estimation
with spatially sparse observations can cause a bias in the
calculation of HC changes. To evaluate the uncertainty in
the observational analysis, we used ocean reanalysis prod-
uct, which, under realistic surface forcings, reflect most of
the familiar gross features of observed bottom water changes
reported in previous studies, such as slight temperature
warming in the North Pacific and temperature warming on
the western side of the South Atlantic [e.g., Fukasawa et al.,
2004; Johnson and Doney, 2006; Kawano et al., 2010;
Purkey and Johnson, 2010].
[15] Ocean reanalysis product were derived from a 4D‐

VAR adjoint data assimilation system, which provides the
best time‐trajectory fit to observations and can create a
dynamically self‐consistent data set. The assimilation sys-
tem was developed under a collaborative program between
the Japan Agency for Marine‐Earth Science and Technology
(JAMSTEC) and Kyoto University [e.g., Masuda et al.,
2003] and is based on a global oceanic general circulation
model (OGCM): specifically, version 3 of the Geophysical
Fluid Dynamics Laboratory (GFDL; NOAA, USA) Modular
Ocean Model (MOM) [Pacanowski and Griffies, 2000]. The
horizontal resolution is 1 degree of latitude and longitude
and there are 46 vertical levels. We incorporated state‐
of‐the‐art parameterization schemes to represent the deep
ocean state: the bottom boundary‐layer scheme [e.g.,
Nakano and Suginohara, 2002b], the vertical diffusivity
schemes [Gargett, 1984; Hasumi and Suginohara, 1999;
Tsujino et al., 2000], and the Noh [2004] mixed layer
scheme. The major physical parameter values were deter-
mined by using an optimization method [Menemenlis et al.,
2005] before the assimilation. The adjoint code of the
OGCM for the assimilation system was obtained by the
Transformation of Algorithms in Fortran (TAF) [Giering
and Kaminski, 2003].
[16] In the 4D‐VAR approach, optimized 4‐D data sets

are sought by minimizing a cost function. In this study, the
cost function consisted of the two summation terms of
the squared differences between the fields obtained by
observations and analytical data from the model, and the
squared differences between the initial values of control

Figure 1. The WOCE Hydrographic Programme (WHP) lines with section names (red) and additional
lines (blue) used to divide the world ocean into 73 boxes. The additional lines were chosen to optimize the
size of boxes and to exclude marginal seas.
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variables (initial ocean states and air‐sea fluxes) and their
guesses from the assimilation system, which is similar to the
method used by Stammer et al. [2002]. Because they are not
well known, error covariance matrices for the observational
data and the control variables in the cost function were
assumed to be diagonal, and were determined from the
temporal changes of the corresponding variables at each grid
model point.
[17] The differences between the observations and the

model data below the surface (at the surface), which were
used for the cost function, were calculated from a monthly
(10 daily) mean value of model data and the one obtained
from observations in 1° by 1° bins. In addition, we incor-
porated the differences between 5 year, 10° box mean
temperature and salinity fields obtained from observations
and the model below 2000 m for the summation term in the
cost function to enhance the representation of the deep
ocean [Masuda et al., 2010]. The field obtained by the
assimilation technique with the cost function is dynamically
self‐consistent.
[18] We note that using these settings in the cost function

does not artificially smooth out short‐term variability, which
should be revealed by the model, from the reanalysis
product, because the assimilation system constrains the
model results not with the value in the model at each model
time step, but with the bulk value calculated for each range,
which is set in the cost function, and the mean differences in
the cost function can be reproduced by a short‐term change
as well as by the constant or long‐term mean difference.
Although variability in the ocean shorter than a month is
also not artificially smoothed out by this method, we used

monthly mean data sets for this analysis because the 10 daily
mean air‐sea flux fields were used in our assimilation sys-
tem and the variability shorter than a month might not be
sufficiently reproduced.
[19] A data assimilation experiment was performed using

the Earth Simulator at JAMSTEC to derive an ocean state
estimate for the period from 1957 to 2006. We used a
40 year monthly data set, from 1967 to 2006, to avoid the
initial error in the data assimilation. The obtained reanalysis
field is in broad agreement with recent observations
[Masuda et al., 2010]. For example, the representation of the
deep velocity profiles near the Wake Island passage was
successful, as the revealed velocity field around the passage
was similar to the direct velocity measurements using a
moored system [Uchida et al., 2007, 2009], and the sea
surface flux revealed by the assimilation system also agreed
well with that from Japanese Ocean Flux Data Sets [Kubota
et al., 2002] based on remote sensing observations, which
was similar to a result in a previous study [Masuda et al.,
2003].
[20] Furthermore, we compared the ocean general circu-

lation structure in the reanalysis product with the ones
estimated from observations [e.g., Ganachaud and Wunsch,
2000], as the temperature changes in the deep ocean can be
affected by the circulation structure. North Atlantic Deep
Water (NADW) forms around 60°N in the Atlantic Ocean,
and its southward transport is 13–18 × 109 kg s−1 in the
40 year mean layer‐averaged transports from the reanalysis
product (Figure 2). The northward transports in the bottom
layer from the Southern Ocean are 0.2 × 109 kg s−1 in
the Atlantic, 6.2 × 109 kg s−1 in the Indian, and 10.4 ×
109 kg s−1 in the Pacific oceans. These features are con-
sistent with the estimates obtained using the inverse method
[Ganachaud and Wunsch, 2000], except for the small
northward transport in the bottom layer of the Atlantic
Ocean (for which we will discuss a possible cause in
section 6). We assume that our reanalysis product are real-
istic enough to use in estimating the uncertainty in HC
trends in recent decades, which are probably due to short‐
term variability.

3. Heat Content Changes in Observation Data

3.1. Horizontal Distribution

[21] The horizontal distribution of the temperature change
rate in each box as determined from the comparison between
the WHP and the revisits shows a positive temperature
change extending over almost all of the global ocean below
3000 m (Figure 3). Larger temperature increases were
observed nearer to Antarctica, as was also shown by Purkey
and Johnson [2010]. The temperature change around the
Weddell Sea and the Adelie Coast, where bottom water is
formed, was about 0.05–0.08°C decade−1 in the layer from
4000 to 5000 m, which corresponds to an additional local
surface heat flux of 0.4–0.6 W m−2 to account for the
temperature changes in this layer (Figure 3b).
[22] In the Pacific Ocean, the temperature increased in

most of areas at depths below 4000 m, whereas temperature
decreases were observed in some boxes in the layer from
3000 to 4000 m (Figure 3a). Because of the way we divided
the Pacific Basin into boxes, we could detect the relatively
strong temperature increases along the northward path of

Figure 2. The 40 year mean general circulation used in the
reanalysis in this study. Red, blue, and green arrows repre-
sent transports (× 109 kg s−1) for surface (neutral density
gn ≤ 27.72 kg m−3), deep (27.72 kg m−3 < gn ≤
28.11 kg m−3), and bottom (gn > 28.11 kg m−3) layers,
respectively. Horizontal red arrows around Antarctica show
the barotropic transports (the sum of the transports in the
three layers).
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Figure 3. Horizontal distribution of the temperature change rate with 90% confidence intervals (× 10−3 °C
decade−1) in the (a) 3000–4000 m, (b) 4000–5000 m, and (c) 5000 m to bottom layers. Red indicates pos-
itive change (temperature increase); blue indicates negative change (temperature decrease).
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Circumpolar Deep Water (CDW) in the layer from 4000 to
5000 m in the center of the Pacific (Figure 3b), as was also
shown by Kawano et al. [2010]. Although the temperature
increase in the western part of the southern Atlantic Ocean
might have also been affected by the increase around Ant-
arctica, a temperature decrease was observed in the 3000–
5000 m layer of the Indian Ocean. As there are fewer
observation lines available in the Indian Ocean than in the
other oceans, estimates of the temperature changes in the
Indian Ocean, particularly in the northwestern part, are less
accurate than those in the other areas. Indeed, Purkey and
Johnson [2010] showed large confidence intervals for HC
changes in the Indian Ocean.
[23] In the northern Atlantic Ocean, the largest tempera-

ture increases were detected off Greenland, and the tem-
perature increase in the 3000–4000 m layer there was about
the same as that around Antarctica (Figure 3a). This strong
temperature increase, which reflects the temperature increase
along line AR07 (see Figure 1 and Table 1), was due to
large interannual variability in the temperature of Denmark
Strait Overflow Water (DSOW) reported by previous studies
[e.g., Dickson et al., 2002; Yashayaev, 2007], as DSOW was
observed near the bottom off Greenland, where the bottom
depths are typically 3000–4000 m. The long‐term freshen-
ing in deep water off Greenland after the 1970s [e.g.,
Dickson et al., 2002; Curry et al., 2003; Yashayaev, 2007]
was also detected in the layer from 2000 to 3000 m in our
analysis (not shown).

3.2. Heat Content Change

[24] Vertical distributions of the global and basin‐scale
decadal differences in HC from the 1990s to the 2000s were
calculated using the temperature change rates (Figure 4), as
shown in Figure 3 for the deep layers. The global HC
increase in the layer from 0 to 700 m was 10 × 1022 J
decade−1 (or 7.8 × 1022 J decade−1 excluding the Southern
Ocean). In the upper layer, the strong seasonal variability and
the water mass distribution changes due to gyre shifts, which
are mainly due to interannual variability of wind forcing [e.g.,
Deser et al., 1999; Joyce et al., 2000; Roemmich et al.,
2007], cause large uncertainties in estimating HC changes
using sparse and nonuniform observations [Roemmich and
Gilson, 2009]. Although we also could not avoid the large
aliasing effect from using the sparse and nonuniform
observations in our estimation of the HC changes, the esti-
mated HC increase was not very different from the estimates
of about 4–11 × 1022 J decade−1 from previous studies [e.g.,
Willis et al., 2004; Ishii et al., 2006; Freeland and Gilbert,
2009; Levitus et al., 2009; Lyman et al., 2010]. This sug-
gests that the method used for estimating HC change can
better reproduce the HC changes in the deep ocean, where
the seasonal variability should be weaker than in the shal-
lower layers.
[25] A large HC increase was detected around 2500 m

(Figure 4). This increase was due primarily to the increases
in the Indian and Southern Oceans. The global HC change
was minimum around 3000 m and increased below 3000 m,
mainly due to the increase in the Southern Ocean. The HC
increase below 3000 m was evident in the positive tem-
perature changes in each basin (see Figure 3), and might
reflect the influence of property changes in water masses
formed around Antarctica, such as Antarctic Bottom Water
(AABW) and CDW.
[26] The HC increase below 4000 m in the Pacific Ocean

was relatively large, and evident as a broad distribution of
positive temperature changes in the bottom layer (Figures 3b
and 3c) along the path of CDW. Although the Atlantic and
Indian oceans contributed to the global HC increase around
3500 m, the HC increases in these two basins were weak
below 4000 m. The weak HC increase below 4000 m in the
Atlantic Ocean was mainly due to the small volume of
bottom water from Antarctica. Indeed, a strong temperature
increase was detected in the southwestern part of the
Atlantic Ocean (but over a small area), where bottom water
with properties similar to AABW is detected [Johnson,
2008]. The small contribution of the Indian Ocean to the
global HC increase might be due to the smaller bottom layer
volume in the Indian Ocean than in the Pacific Ocean.
However, because a deep temperature decrease was detected
in the western part of the Indian Ocean, where Johnson
[2008] reported a large proportion of AABW in the bottom
water, and this decrease reduced the overall HC increase in
the Indian Ocean, the estimated HC increase in the Indian
Ocean might also reflect the aliasing effect resulting from
sparse and nonuniform observations.
[27] The total global HC increase below 3000 m (4000 m)

was 0.8 (0.4) × 1022 J decade−1. A heat flux of 0.1 (0.07) W
m−2 would be required through 3000 m (4000 m) to account
for this HC increase. The HC increases in the deep layer
(below 3000 m) are estimated at 5.0% of the full depth HC

Figure 4. Vertical profile of the heat content (HC) changes
in each ocean and in the global ocean. HC changes for the
Pacific are the sum of the changes in boxes 1–26, for the
Atlantic are the sum of the changes in boxes 27–50, for
the Indian are the sum of the changes in boxes 51–63, and
for the Southern Ocean are the sum of the changes in boxes
64–73 (see Figure 1).
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changes in the global ocean, 8.7% of changes in the Pacific,
0.4% in the Atlantic, 1.5% in the Indian, and 16.2% of the
full depth changes in the Southern Ocean. The proportion of
the global ocean changes increase to 8–20% if the HC trends
in the shallow layer from previous studies are used; these
studies used much more data than in this analysis. Thus, we
conclude that the HC changes in the deep ocean cannot be
ignored when considering the decadal changes in ocean heat
budgets.

4. Heat Content Trend in Reanalysis Product

4.1. Horizontal Distribution

[28] The temperature differences between the two periods
of 1985–1994 and 1997–2006 in our reanalysis product
(Figure 5) were similar to the ones from observations
(Figure 3), although there is a negative offset in the reanalysis
product relative to the observations in the 3000–4000 m
layer in the North Pacific and below 4000 m in the eastern
part of the Indian Ocean. In these areas, it was difficult to
detect significant temperature changes by a comparison of
two sets of observations along the sections [e.g., Johnson
and Doney, 2006; Johnson et al., 2007, 2008]. The differ-
ences between maps of temperature changes determined
from the observations and from the reanalysis product could
be caused by the aliasing effect of sparse observations as
well as model biases.
[29] The ocean temperature around Antarctica increased

from 1967 to 2006 in the reanalysis product, and a time
series of decadal mean temperature anomalies shows that the
positive anomaly gradually extended to the north (Figure 6).
This feature was especially clear in the Pacific Ocean,
implying the propagation of the warming signal from south
to north. Based on a sensitivity experiment using the same
data assimilation system as in the present study, Masuda
et al. [2010] reported that the warming signal around
Antarctica can move into the North Pacific by internal
Kelvin and Rossby wave propagation and the warming
signal can be caused by buoyancy flux changes around the
bottom water formation regions.
[30] As the anomaly pattern for the last decade (Figure 6d)

is similar to the temperature differences between WHP and
the revisits in the reanalysis product (Figure 5b) and in the
observations (Figure 3), it is possible that most of the
observational temperature changes are due to long‐term
variation, and the distribution of the positive HC changes
could be caused by the mechanisms reported by Masuda
et al. [2010], especially in the Pacific Ocean.
[31] In the western part of the South Atlantic Ocean, the

anomaly pattern of the last decade (Figure 6d) was slightly
different from the temperature changes between WHP and
the revisits (Figure 5b), whereas the temperature increase was
reproduced (Figures 3 and 5). This increase was reported by
comparisons along the sections in a previous study [Johnson
and Doney, 2006]. This may reflect both the short‐time
propagation of temperature anomalies, as suggested from
the analysis of observational data in the Argentine Basin
[Coles et al., 1996], and the modulation of the trend of
temperature increase, as Zenk and Morozov [2007] reported
that the clear long‐term temperature increase started from 19
92 after a period of weak temperature increase from 1972 to
1991.

Figure 5. Horizontal distribution of temperature differ-
ences in the reanalysis product (°C decade−1) between the
periods of 1985–1994 and 1997–2006 (corresponding to the
WHP and revisits, respectively) in the (a) 3000–4000 m,
(b) 4000–5000 m, and (c) 5000 m to bottom layers. Red
indicates positive change (temperature increase); blue indi-
cates negative change (temperature decrease).
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4.2. Heat Content Trends and Virtual Observations

[32] Even in the deep ocean the temperature can be
affected by local forcing as well as by remote forcing, espe-
cially around areas where bottom water is formed, so the
estimation of temperature changes by a comparison of two
observations cannot avoid the effect of aliasing. We evalu-
ated the validity of estimating HC changes from observa-
tional data using our reanalysis product. Given that our
reanalysis product reproduces variability in the deep ocean,
we obtained probability density functions for HC estimates
by using all possible combinations of “virtual observations”,
in our reanalysis product, that might have been carried out
along 25 observation lines (red lines in Figure 1) during the
two periods of 1985–1994 (120 months for WHP) and
1997–2006 (120 months for the revisits). As the total
number of possible combinations is extremely large (12025 ×
12025), even assuming an observation line was occupied
within a month, we estimated the probability density func-
tions from 10,000 random samplings of the all the possible
combinations in the monthly reanalysis product.

[33] Note that we here used the probability density func-
tions for estimates of the uncertainties, as it was more
accurate than confidence intervals based on the t test, which
assumes the normal distribution for sample means. Indeed,
the probability density functions were different from the
normal distribution at a statistically significant level (not
shown).
[34] For the random sampling, we determined the months

during WHP and the revisits when observation lines were
occupied, using the uniform pseudorandom number gener-
ator developed by Matsumoto and Nishimura [1998], and
obtained the set of virtual WHP and revisit observations.
The HC changes were calculated using the set thus obtained
by the same method as used with the actual observations,
and we obtained 99% confidence intervals for the HC
changes from the probability density function estimated
from the 10,000 virtual observations. Because results from
1000 virtual observations (not shown) were similar to results
from the 10,000 virtual observations, we believe the 10,000
virtual observations are enough to estimate the probability

Figure 6. Horizontal distribution of the temperature anomaly (°C) in the layer from 4000 to 5500 m
relative to 40 year average temperatures at each grid point. Red and blue indicate positive and negative
anomalies, respectively.
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density function. In the following paragraphs, we show HC
trends estimated on the basis of the full grid data in the
reanalysis product and HC changes estimated from virtual
observations using the same method as for the observational
estimate. Note that the HC trends estimated from the full
reanalysis product are not necessarily within the confidence
intervals for the HC changes determined from the virtual
observations because the simple method using the box‐
average temperature change rates and the spatially nonuni-
form and sparse distribution of the observation lines can
result in larger biases.
[35] The vertical profile of the global HC trend based on

the full reanalysis product (black curve in Figure 7) is
similar to the HC changes estimated from the virtual
observations (black circles in Figure 7), although there are
some biases in the estimates from full reanalysis product
compared to those from virtual observations, especially
below 3000 m where the estimates are strongly affected by
the lack of data from the northwestern part of the Indian
Ocean from the virtual observations (white area in the
Indian Ocean in Figure 3). This overall agreement suggests
that the available observational system can capture the true
decadal HC trend, although there are large uncertainties,

especially in the upper 1000 m, which are visible in the 99%
confidence intervals (Figure 7).
[36] The global HC trend was also consistent with that

estimated from observations (gray curve in Figure 7) except
in the upper 1000 m. The HC trend (95% confidence
interval estimated using estimated degrees of freedom taking
into account temporal decorrelation lengths of 2–3 years
(not shown)) for the upper 800 m using full reanalysis
product is +3.4 (±2.0) × 1022 J decade−1 for 1985–2006
(+6.0 [±3.2] × 1022 J decade−1 for the typical analysis period
of 1993–2006 in previous studies), and this value is closer to
the estimates from previous studies [e.g., Ishii and Kimoto,
2009] than the observational estimate in the present study.
However, HC change in the upper 800 m from the virtual
observations is 1.2 × 1022 J decade−1 for 1985–2006, and
the range of the 99% confidence interval is quite large
(Figure 7). This shows that HC change estimates from
spatially and temporally nonuniform observations have
substantially large uncertainties, as pointed out by a previ-
ous study [Roemmich and Gilson, 2009], although the HC
changes in the upper 800 m from the real observations was
not very different from the estimates in previous studies as
shown in section 4.1.
[37] The HC change estimated below 3000 m from the

virtual observations is +0.7 × 1022 J decade−1, with a 99%
confidence interval of 0.4–1.0 × 1022 J decade−1, similar to
the values based on observations. This value (95% confi-
dence interval) is slightly less than the trend of +1.0 (±0.1) ×
1022 J decade−1 estimated from the full reanalysis product.
This difference could be caused by a bias in HC change
estimation using a spatially sparse system of real observa-
tions (including the lack of observations in the northwestern
part of the Indian Ocean) as well as the difference between
the HC change fields in the real ocean and in our reanalysis
product. The 99% confidence intervals for the estimates
using the virtual observations show that the positive HC
trend below 3000 m (Figure 7) could be detected by the
WHP and revisit observation system.
[38] This reanalysis shows that the HC trend below

3000 m from full reanalysis product is about 30% (18%) of
that in the upper 800 m for 1985–2006 (for 1993–2006).
This result supports the result from the observational anal-
ysis in section 4.1 that HC variability in the deep ocean
cannot be ignored when estimating the heat balance in
the global ocean, although the proportion is larger in the
reanalysis product than in the observational analysis.
[39] We determined the HC trends for each ocean from

our reanalysis product (Figure 8). There are large differences
between the trends from the reanalysis and the observational
estimates in the upper 2000 m. In the layer from 0 to 1000 m
in the Indian Ocean, the difference is greater than 2 × 1022 J
decade−1. This large difference is the primary reason for the
difference between the reanalysis and observation estimates
in Figure 7. The large difference is mainly due to the
sparseness of the observations in the Indian Ocean, which
causes both large uncertainties in the observational estimates
and lower reproducibility of the reanalysis product.
[40] The increasing trend below 3000 m was the largest in

the Southern Ocean, and the HC increases around 4000 m in
the Pacific Ocean and around 3000 m in the Atlantic and
Indian oceans contributed to the global HC increase below
3000 m. This feature is similar to that in the observational

Figure 7. Vertical profiles of decadal trends of HC change
in the world ocean from 1985 to 2006 in the assimilation
data sets. Black curve indicates the HC trend estimated with
the full grid assimilation data. Black circles indicate the
mean HC changes from 10,000 virtual observations using
the same method as for the observational estimate. The
black bars show 99% confidence intervals of the estimates
from the virtual observations. The gray curve is the profile
of HC changes estimated from the actual observations (same
as the thick black curve in Figure 4).
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estimates described in section 3.2. The vertical profiles of
HC trends were similar to the changes estimated from the
virtual observations, except in the Indian Ocean. This sug-
gests that the HC changes in each ocean can be evaluated
using the available observations.

[41] In the Pacific, the total HC trend below 3000 m
(4000 m) in the reanalysis was estimated at 0.1 (0.1) ×
1022 J decade−1, which corresponds to an additional heat
flux of 0.03 (0.05) W m−2 at the depth of 3000 m (4000 m).
The changes estimated from observations are similar to the

Figure 8. Vertical profiles of decadal trends in HC changes from 1985 to 2006 in the reanalysis for each
ocean. Curves and symbols are the same as in Figure 7.
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ones from the reanalysis in the layer below 4000 m, whereas
the HC changes in the upper 3000 m estimated from the
reanalysis product differ from those from observations, and
the confidence intervals for the estimates from virtual
observations above 3000 m become wider than for those
near the bottom (Figure 8a).
[42] In the Atlantic Ocean, the total HC trend below

3000 m (4000 m) in the reanalysis is 0.3 (0.09) × 1022 J
decade−1, which corresponds to an additional heat flux of
0.18 (0.07) W m−2 at 3000 m (4000 m). Although the
vertical profile of HC trends estimated from the reanalysis
product in the Atlantic has a maximum around 3000 m,
which is similar to the HC changes estimated from
observations, there is a positive offset in the HC trends for
the reanalysis product from the observational estimates
(Figure 8b). The small positive offset might be due to model
biases.
[43] In the Indian Ocean, the total HC trend below 3000 m

(4000 m) in the reanalysis has a low value of 0.03 (0.00) ×
1022 J decade−1, corresponding to an additional heat flux of
0.02 (0.00) W m−2 at 3000 m (4000 m). There are large
differences between the estimates based on full reanalysis
product and virtual observations (Figure 8c). This implies
that the available observations were too sparse to describe
the HC changes in the Indian Ocean, whereas the trend
based on the full reanalysis product is similar to the HC
changes estimated from observations.
[44] In the Southern Ocean, the total HC trend below

3000 m (4000 m) in the reanalysis is large at 0.56 (0.14) ×
1022 J decade−1, which corresponds to an additional heat
flux of 0.5 (0.2) W m−2 at 3000 m (4000 m). The confidence
intervals for the estimates from virtual observations in the
deep ocean were the widest among the all oceans (Figure 7),
which were caused by large variability of front locations and
bottom water properties around Antarctica.

4.3. Bottom Water Transport Variability

[45] The bottom layer HC changes determined in each
basin in the reanalysis product (Figures 6 and 8) are related
to the changes in northward transport from Antarctica, as
previously shown in the Pacific Ocean [Masuda et al., 2010]
because AABW is fed into the global bottom layers
[Johnson, 2008] by the meridional overturning circulation
[e.g., Lumpkin and Speer, 2007]. As shown by Masuda
et al. [2010], the northward transport of bottom water
below the neutral density surface near 3500 m depth across
the western Pacific section (Figure 9a) decreased substan-
tially in recent decades (Table 2 and Figure 9b) and this
decrease has caused the widespread warming in the bottom
layer of the Pacific (Figure 6).

Figure 9. Northward transport anomalies for the major bot-
tom water paths at 35°S. (a) Bottom topography and neutral
density gn surface near the depth of 3500 m used to calcu-
late the transports. Black contours show the 40 year mean
neutral density surfaces of gn = 28.18 kg m−3 for the Atlan-
tic and the western Indian sections and gn = 28.16 kg m−3

for the eastern Indian and the western Pacific sections. Gray
contours are the minimum and maximum depths of the neu-
tral density surfaces in the monthly reanalysis product,
which show that the bottom waters below the selected neu-
tral densities did not overflow into the other basins. Hori-
zontal white bars show the longitudinal ranges used for
transport calculations. (b) The 3 year running mean north-
ward transport anomaly (from the 40 year mean) for the
western Pacific section. (c) Same as Figure 9b but for the
Atlantic and Indian sections. The blue solid and dashed
curves show the transport anomalies of the bottom water
for the western and eastern Atlantic sections, respectively.
The green solid and dashed curves show the same for the
western and eastern Indian sections, respectively.

Table 2. Trend in the Bottom Water Northward Transport
(× 109 kg s−1 decade−1)a

Section Trend (95% Confidence Interval)

West Pacific −0.71 (±0.23)
West Atlantic −0.36 (±0.06)
East Atlantic −0.07 (±0.07)
West Indian +0.12 (±0.11)
East Indian +0.05 (±0.09)

aSee Figures 9b and 9c. The 95% confidence intervals were calculated
using temporal decorrelation lengths of about 3 years, which were esti-
mated at each section.
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[46] There are two major paths of northward bottom water
transport in the Atlantic (Figure 9a). The northward trans-
port across the western Atlantic section also decreased
(Figure 9c) and this slight decrease (Table 2) could have
resulted in the temperature increase along the western side
of the southern Atlantic (Figure 6). There is no substantial
trend in northward transport across the eastern Atlantic
section (Table 2). The large variability of the northward
transport (Figure 9c) might be the cause of the differences in
temperature change rates between the reanalysis (Figure 6)
and observational estimates (Figure 3) along the west coast
of southern Africa, while the basin north of the section is
small and the temperature changes there did not strongly
contribute to the HC changes in the Atlantic Ocean. However,
as the northward transport of bottom water in the South
Atlantic in our reanalysis product was smaller than the esti-
mate from observations [e.g., Ganachaud and Wunsch,
2000] (Figure 2), the relationship between the transport
variability and the temperature changes in the real ocean is
not conclusive. The difference between transports in our
reanalysis product and the observations are discussed in
section 6.
[47] In the Indian Ocean, the bottom water follows two

major paths northward (Figure 9a). The 40 year mean
northward transports in the bottom layers across the western
and eastern sections were 1.6 and 2.3 × 109 kg s−1, respec-
tively. This estimate for the eastern section is similar to that
for AABW into the Perth Basin estimated from 1 year
moored current meter data [Sloyan, 2006], whereas Sloyan
and Rintoul [2001] estimated a 6 Sv northward transport
of AABW along 32°S using an inverse method and data
from the hydrographic sections around Antarctica. Further-
more, the 40 year mean transport below the neutral surface
of 28.0 kg m−3 (about 2000 m depth; not shown) on the
eastern side of the Indian Ocean in our reanalysis product
was 6.7 × 109 kg s−1; within the wide range of estimates
from the observations of 1–7 Sv [e.g., Toole and Warren,
1993; Ganachaud and Wunsch, 2000; Sloyan and Rintoul,
2001].
[48] In a section corresponding to the western section of

the Indian Ocean in this study without the Madagascar
Basin, which is located between 20°E and 45°E (Figure 9a),
the northward transport in the deep layer was estimated to be
4–6 Sv using hydrographic observations [e.g., Toole and
Warren, 1993; Ganachaud et al., 2000; Sloyan and Rintoul,
2001]. This range of estimates from the observations is
higher than the estimate in this study, although Ganachaud
et al. [2000] showed a large uncertainty of ±8 Sv for their
estimate. This difference may be due to the complicated
topography of the Southwest Indian Ridge, located from

40°S, 50°E to 25°S, 65°E, which has many deep, narrow
paths that are difficult to resolve in our coarse resolution
model, as well as to the large uncertainty of the observa-
tional estimate.
[49] Although there are no substantial 40 year trends in the

western and eastern Indian sections (Table 2), the transports
across the western Indian section increased from 1970 to
1985, decreased from 1985 to 1995, and then increased
again after 1995 (Figure 9c). The increase after 1995 could
be the cause of the temperature decrease in the most recent
decade (Figure 6d). Although the interannual variability of
the transport across the eastern Indian section is similar to that
across the western Indian section (Figure 9c), the decadal
trend of northward transport across the eastern Indian section
is smaller than the one across the western section. However,
more observational data are needed to describe the rela-
tionship between temperature and bottom water transport in
the Indian Ocean, as the variability of northward transport
there is relatively large and the topography is complicated.

5. Steric Height Change due to Deep Ocean
Changes

[50] The HC changes described in section 3.2 can con-
tribute to sea level changes. Changes in sea level were
calculated using the following equations:

�t ¼ 1

A

Z 3000

bottom

�o � � So; T ; pð Þ
�o

a zð Þdz;

�s ¼ 1

A

Z 3000

bottom

�o � � S; To; pð Þ
�o

a zð Þdz ð1Þ

where ht and hs are the thermosteric and halosteric changes,
respectively; A and a(z) are the global sea surface area and
the area for each depth z, respectively; and r is the density,
which is a function of salinity (S), temperature (T), and
pressure (p) for each depth. So, To, and ro are the reference
salinity, temperature, and density, respectively, and are the
mean salinity, temperature, and density of WHP and revisit
observations for the observational estimate, and the 40 year
mean (1967–2006) for the reanalysis product estimate. For
the reanalysis product, we used depth in stead of pressure
for calculating density in this analysis.
[51] The contributions of the HC and salinity changes

below 3000 m to the global sea level change are summa-
rized in Table 3. In these estimates, the combined contri-
bution to total decadal sea level rise was 0.095 mm yr−1

based on observations and 0.130 mm yr−1 from our
reanalysis product. The bottom water warming in the
Pacific, Atlantic, and Southern oceans strongly affected the
global sea level rise in both the observation and reanalysis
product. The halosteric changes were much smaller than the
thermosteric changes in both the observation and reanalysis
product, and halosteric changes differed between the
observation and reanalysis product (Table 3).
[52] Local steric changes were calculated using equations

similar to equation (1), but the total area (A) was set to the
area at 3000 m depth for each box.
[53] The halosteric contribution to local steric changes can

be important because, in some areas, the magnitudes of the
halosteric and thermosteric changes were similar (Figure 10).
As the halosteric contributions were opposite to the ther-

Table 3. Effect of Temperature T and Salinity S Changes Below
3000 m on the Steric Height Changes (mm yr−1)

Data Sets Effects

Ocean Basin

Pacific Atlantic Indian Southern Global

Observations T 0.025 0.017 −0.002 0.065 0.105
S −0.013 0.010 0.005 −0.012 −0.010

Total 0.013 0.027 0.003 0.053 0.095
Reanalysis T 0.018 0.039 0.003 0.061 0.121

S 0.022 −0.019 −0.001 0.007 0.009
Total 0.040 0.020 0.002 0.068 0.130
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Figure 10. Horizontal distribution of the influence on the steric height (mm decade−1) with 90%
confidence intervals above each box from changes below 3000 m in (a) temperature, (b) salinity, and
(c) density (temperature and salinity combined).
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mosteric changes in the North Pacific, South Atlantic, and
the area from 90°W–90°E in the Southern Ocean, the total
steric height increase in these areas was less than the ther-
mosteric height increase. However, the measurement accu-
racy of salinity (about 0.003), which was estimated from the
comparison of salinity values at the crossover points of the
WHP sections [Johnson et al., 2001], can create errors about
6 times larger than that of temperature in the calculation of
density, and it was difficult to detect the halosteric changes
described above when measurement errors were considered.
[54] In contrast, near the Adelie Coast of Antarctica and in

the western South Pacific, the halosteric and thermosteric
changes were both positive, and the halosteric changes were
detectable. The positive steric increase around the Adelie
Coast was similar to the result reported by Johnson et al.
[2008] through careful comparison of hydrographic observa-
tions along I08S. As saltier and colder bottom water is
formed through brine rejection associated with sea ice for-
mation near the Adelie Coast, the positive contribution to
sea level change might reflect the reduction in bottom water
formation, as shown in previous studies through compar-
isons of hydrographic observations [e.g., Katsumata and
Fukasawa, 2010].

6. Discussion

[55] In this study, we mapped the decadal temperature
changes and estimated the decadal HC changes in the deep
ocean. There have been many studies of HC variability in
the shallower ocean layers. For example, Levitus et al.
[2005] showed that the HC in the upper 3000 m of the
global ocean increased by 14.5 × 1022 J from 1955 to 1998.
Ishii and Kimoto [2009] estimated an HC increase of about
6.0 × 1022 J decade−1 from 1993 to 2003. These estimates
were larger than the estimates from the observational data in
the present study. Although the increase of 0.8 × 1022 J
decade−1 below 3000 m was only about 5% of the HC
increase from observational data in the upper layers, this
proportion increases in comparison with the values from
previous studies. Because the observational data used in this
study were sparse and nonuniform, it was not possible to
avoid the aliasing effect of the strong seasonal HC vari-
ability in the shallow layer. The HC changes below 3000 m
in this study were 8–20% of those in the upper layer (typ-
ically the upper 700 m) in previous studies [e.g., Willis
et al., 2004; Ishii and Kimoto, 2009]. This suggests that
the HC changes below 3000 m and around Antarctica cannot
be neglected in the precise estimation of HC changes in the
global ocean.
[56] Our estimated values for the HC change, and the

demonstrated importance of the HC change around Ant-
arctica, agree well with the results of Purkey and Johnson
[2010]. Our results extend theirs by showing the detailed
distribution of temperature changes in the deep ocean.
Although the uncertainties of the subbasin‐scale temperature
and steric height changes were large, the changes were still
significant in some boxes, such as below 5000 m, south of
Australia, and in the center of North Pacific (Figures 3
and 10). Furthermore, we show the uncertainty of the esti-
mation, mainly due to temporal variability, by using the
4D‐VAR data assimilation product. Purkey and Johnson
[2010] estimated HC changes and showed 95% confidence

intervals using degrees of freedom explicitly taking into
account spatial decorrelation length, and their confidence
intervals could include some temporal variability from using
all observations, which were carried out in the large basins
on different dates. Although their estimation was based on
one of the best available methods for estimating the real
ocean HC changes from only the observations, and was free
from model biases, which are included in our analysis, it is
difficult to evaluate the uncertainty due to temporal var-
iability in their results directly because surveys were
carried out only twice for most WHP sections. Assuming
that our 4D‐VAR data sufficiently revealed the temporal
variability caused by local and remote forcing changes, our
results support the HC increases shown by Purkey and
Johnson [2010] even explicitly taking into account tempo-
ral variability.
[57] Note that the confidence intervals for the global HC

changes in the deep ocean in this study are slightly narrower
than those shown by Purkey and Johnson [2010] suggesting
their confidence interval is more conservative than ours.
This implies that their decorrelation length of 160 km was
probably an overestimate, while the probability density
functions in our reanalysis product might be different from
those in the real ocean.
[58] Furthermore, our reanalysis product reproduces the

positive temperature anomaly spreading throughout the
Pacific from 1967 to 2006. This temperature anomaly
propagated through internal Kelvin and Rossby waves, and
the HC changes below 4000 m observed in recent decades
might reflect the reduction in bottom water formation near
the Adelie Coast, attributed to a decrease in the heat flux
from the ocean to the atmosphere [Masuda et al., 2010]. The
recent ocean freshening reported by previous studies [e.g.,
Aoki et al., 2005; Rintoul, 2007] near the Adelie Coast,
which is the source region for the bottom water, is consistent
with the reduced bottom water transport in our reanalysis
product.
[59] We estimated the contribution of both temperature

and salinity changes in the deep ocean to sea level rise. The
thermosteric contributions in the observation and the
reanalysis product were similar to the results of Purkey and
Johnson [2010], and the halosteric contributions were small.
However, the local halosteric contributions to sea level rise
were not negligible, as pointed out by Antonov et al. [2002]
for the shallower layers. The observation data showed that
the halosteric contribution was of the opposite sign to the
thermosteric contribution throughout most of the Pacific
(Figure 10), and the total steric height change in the Pacific
was therefore smaller than the contribution estimated using
only temperature changes, although the halosteric effects
were not conclusive because of the relatively large uncer-
tainty in the salinity measurements. In contrast, substantial
freshening has been detected along some sections in the
deep ocean [e.g., Johnson et al., 2008; Katsumata and
Fukasawa, 2010] and this freshening can add to the ther-
mosteric sea level rise.
[60] Transport variability might be related to the HC

changes in the deep ocean, as shown in the Pacific Ocean
(Figure 9). The temperature increases on the western side of
the South Atlantic also seem to correspond to the transport
decrease in the deep ocean. However, in our reanalysis
product, the northward transport in the bottom layer across
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30°S in the South Atlantic was much smaller than the value
of 6–7 Sv estimated from observations [Hogg et al., 1999].
One of the causes of this reduced transport is slightly less
dense bottom water in our reanalysis product than in the
observations. The northward transport below the neutral
density surface of 28.12 kg m−3 was estimated to be a larger
value of about 3 Sv, which is similar to an estimate made
using a method similar to our reanalysis [Wang et al., 2010].
[61] The estimate of bottom water transport may be sen-

sitive to the setting of the upper boundary surface because of
the large vertical cell in the deep layers of our reanalysis
model (about 3000–5000 m). Another cause of the small
northward transport is the low horizontal resolution of our
reanalysis model, which cannot reproduce the narrow paths
of the bottom water in the South Atlantic. This limited
reproducibility can result in the differences between the
temperature changes in our reanalysis and the real ocean,
whereas the decadal temperature difference field in the deep
layer of the South Atlantic in our reanalysis product
(Figure 5) is similar to the one from observations (Figure 3).
This type of difference between the reanalysis product and
observed flow occurs in the western section of the Indian
Ocean, where there is a ridge with many narrow paths and
the northward transport below 2000 m along the ridge was
estimated to be about 6 Sv [Warren, 1978].
[62] On the eastern side of the South Atlantic, there was

little influence from AABW in the northern section (north of
30°S; Angola Basin), and the influence of AABW was
limited along the southwestern coast of Africa (Cape Basin),
as shown by Johnson [2008]. Although the relatively large
interannual variability of the transport across the eastern
section of the South Atlantic (Figure 9) might be related to
the large temperature variability in the region north of the
section, both the bottom water volume north of the section
and the mean northward transport across the section were
small.
[63] We used the monthly reanalysis product to obtain

the confidence intervals for our estimates. The confidence
intervals might be slightly underestimated from ignoring the
shorter‐term temperature variability (e.g., daily), although
the short‐term variability is considered to be small. The
coarse resolution model used in this study could not explicitly
reproduce the short‐term variability; high‐resolution model
experiments are needed to account for this short‐term
variability.
[64] Although our 4D‐VAR data assimilation product

well reproduced the observed temperature trends and
showed that it is possible to evaluate the decadal HC
changes using the WHP and revisit observation system,
there were relatively large differences in results for depths of
1000–2500 m (see Figure 7). This difference was caused
mainly by the results from the Indian and Pacific oceans,
where the performance of the assimilation model was lim-
ited due to sparse data. In the bottom layer, our reanalysis
product did not completely reproduce the detailed structure
of the bottom water flow reported from observations, which
may be due to the coarse resolution in our assimilation
system (e.g., with the rough bottom topography and without
reproducing eddies explicitly) and can affect the ability to
reproduce the temperature changes there. Thus, although the
negative bias of the HC trend determined from full reanal-
ysis product compared to the estimate from the virtual

observations was mainly due to the spatially nonuniform
observations, it is not conclusive whether the HC changes
estimated from real observations include a similar negative
bias relative to the trend in the real ocean.
[65] Furthermore, geothermal heating effects were not

explicitly included in our assimilation, and Fukasawa et al.
[2004] suggested that geothermal heating could contribute
to warming of the bottom water along the 47°N section in
the North Pacific Ocean, assuming that the bottom water
circulation has slowed in recent decades. A slowing of
basin‐scale bottom water circulation, through a mechanism
described by Masuda et al. [2010], also plays an important
role in bottom water warming even if geothermal heating
cannot be ignored in the heat balance of bottom water.
However, the effect of geothermal heating might add
uncertainty to the estimated deep ocean changes. More
observational studies and comparisons with model data are
needed for the precise estimation and evaluation of deep
ocean HC changes.
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